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Introduction

1 Introduction

With more than one third of the world population living in semi-arid and arid environments, these
areas are critical for global water supply (Mortimore, 2009). The sophisticated water management
practices that are required in these circumstances depend on an in-depth understanding of
hydrological conditions together with reliable estimations of water resources. Hydrological models
are valuable tools for this purpose, but they have to account for the specific hydrological conditions in
semi-arid and arid areas differing from those humid areas, e.g. regarding the relevance of certain
hydrological processes (Pilgrim et al., 1988; Simmers, 2003; Wheater, 2008).

TRAIN-ZIN is a hydrological model that has been developed for simulating hydrological processes and
water balances in semi-arid and arid areas and combines conceptual and physically-based approaches.
As all hydrological models, it has its specific characteristics which are described in more detail in the
following sections:

o TRAIN-ZIN represents the most important hydrological processes in dry environments, in
particular evapotranspiration with a focus on soil evaporation, infiltration excess and
saturation excess runoff generation, percolation and channel routing including transmission
losses.

e The model allows for small grid cells and short time steps to reflect the high spatial and
temporal variability of drylands processes.

e |ts output is adapted to different purposes and includes spatially distributed maps of water
balance elements, aggregations for spatial subunits as well as hydrographs for relevant
channel sections.

e Wherever possible, the user is free to choose between different options (e.g. kind of
precipitation input or formula for evapotranspiration processes).

This report provides details about the model philosophy and realization of TRAIN-ZIN. Section 2
describes the background and the perceptual model behind TRAIN-ZIN; process representations are
described in Section 3, followed by a short discussion and an outlook in Section 4.



Model background and perceptual model

2 Model background and perceptual model

The analysis of relevant hydrological processes in the target area is part of the modelling process and
leads to the constitution of the perceptual model that guides the model development or selection
processes (e.g. Beven, 2012). The following section describes the process perception of semi-arid and
arid areas on which TRAIN-ZIN is based.

2.1 Precipitation

As the major driving variable of hydrological systems and the main input to hydrological models,
correct quantification of areal rainfall is critical in all kind of climates. Vegetation influences
precipitation on its way from the atmosphere to the ground through interception, throughfall and
stemflow (Beven, 2002). The share of the gross rainfall P, i.e. the rainfall in the atmosphere, that finally
reaches the ground as net precipitation is modified in its temporal and spatial distribution (e.g. David
et al.,, 2006).

In semi-arid and arid areas, the quantification of areal rainfall is complicated by the high variability of
precipitation in space and time (Wheater, 2008) and by often short rainfall events with high maximum
rainfall intensities and large spatial heterogeneity (Glintner, 2002; Hughes, 1995). Rain gauges within
a distance of approximately 5 km of each other show for example differences in the annual rainfall of
up to 35% in Walnut Gulch, Arizona (Renard et al., 1993). Long lasting dry spells are typical for these
climates (Camacho Suarez et al., 2015), as are floods at the outlet produced by intense partial-area
storms (Pilgrim et al., 1988) and high inter-annual rainfall variabilities (Alpert et al., 2006). Rainfall
intensities may reach values up to 135 mm h! for intervals of 10 min in the semi-arid areas of south-
eastern Spain (Domingo et al., 1998) or up to 300 mm h for one minute intervals in Walnut Gulch
(Renard et al.,, 1993). The share of net precipitation on total precipitation varies geographically,
depending on local vegetation (Dunkerley, 2000).

Snow processes are not relevant in many semi-arid and arid areas, but occur locally, mainly in
mountainous areas (e.g. Wang et al., 2013). Processes are not distinctly different from those in humid
regions. Climatic conditions are the main controlling factor influencing snow accumulation and snow
melt including their temporal and spatial distribution within the basin. The influence of the canopy
through interception and impact on the energy balance (Davison and Pietroniro, 2006) is reduced by
the sparser vegetation in drier areas. See any hydrological textbooks for a more detailed description
of snow processes (e.g. Davison and Pietroniro, 2006; Dingman, 1994).

2.2 Evapotranspiration

Evapotranspiration incorporates all processes through which water is transformed into atmospheric
water vapour, including (1) evaporation from water intercepted in the plants, (2) transpiration through
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the leaf stomata of the plants and (3) evaporation from soil (Dingman, 1994). Its main determining
factors are the availability of energy and water, specified through climatological parameters and
precipitation, and resistances at the boundaries between soil and atmosphere and between
atmosphere and vegetation. The seasonal development of vegetation affects the relative importance
of the three evapotranspiration components (Zhou et al., 2006). Global estimates assume that about
45 % of the total evaporation (508 mm) originates form bare soil (229 mm), 12 % (62 mm/a) from
interception, 41% (210 mm/a) from transpiration and 1 % (6 mm/a) from open water (Oki, 2006). For
a more comprehensive description of evapotranspiration processes see for example Brutsaert (2005)
or Dingman (1994), the following sections give a short review for semi-arid and arid conditions.

In these climates, where potential evapotranspiration generally exceeds precipitation (Kirkby, 2006;
Simmers, 2003), evapotranspiration is a major component of the water cycle and a driving factor for
the hydrological system (Camacho Suarez et al., 2015). Low air humidity, high solar radiation and high
air temperatures promote evapotranspiration (Verheye, 2006). Whereas evapotranspiration is mainly
energy limited in humid regions, it is generally limited by water availability in semi-arid and arid areas
(Simmers, 2003; Zanardo et al., 2012). Only evaporation from interception storage and from open
water bodies assumingly occurs at potential rates (Zhou et al., 2006). Evapotranspiration is
characterized by high temporal and spatial variability, caused by precipitation characteristics, but
damped by runoff processes, surface energy limitations and storage of water (Allen, 2006). The
typically sparse vegetation with its climate adapted plants influences soil and plant parameters
(Hughes, 2008). Plants compensate for sparser canopy cover by a broader root network and a
subsequently higher water use efficiency (Kirkby, 2006). Nevertheless, the dominance of evaporation
from bare or sparsely covered soil is more pronounced than in humid zones (e.g. Mellouli et al., 2000).

2.2.1 Interception

Vegetation and atmosphere interact in a complex way through interception, i.e. the temporary
retention of gross rainfall P, at vegetation surfaces (Menzel, 1997). Interception depends on the
storage capacity of the plants (David et al., 2006), on their seasonal development and on
meteorological conditions (Menzel, 1997). It influences soil moisture, groundwater recharge and
runoff processes by modifying intensities and spatial pattern of precipitation (Menzel, 1997). For
dryland communities, where vegetation is generally sparser and forests are rare, less studies exist than
for humid forests (Domingo et al., 1998). Estimations of interception loss vary, because of the
methodology of the studies, but also because of local conditions, between 3 and 30 % of total annual
precipitation (Dunkerley, 2000). In general, interception evaporation in (semi-)arid areas is in the same
range as in humid climates (5 to 50% of annual rainfall; Baumgartner and Liebscher, 1990). Interception
capacity decreases, when aridity increases and vegetation cover decreases, but this sparser vegetation
cover might be outbalanced partly by higher evaporation rates and rainfall intensities (Giintner, 2002).
Additionally, seasonal dynamics of the state of the vegetation as well as rainfall characteristics
influence the magnitude of interception (Pilgrim et al., 1988).
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2.2.2 Transpiration

Transpiration is influenced by plant processes and seasonal development, but also by the same climatic
factors as evaporation from free water surfaces, such as available energy or wind speed (Roberts,
2006). Stomatal conductance depends on the degree of stomatal opening, which is influenced, in turn,
by climatic factors (radiation, temperature, humidity deficit) and soil moisture contents (Roberts,
2006). In dry regions, water deficits limit the amount of water available to transpiration processes and
trigger physiological mechanisms in plants restricting transpiration (Menzel, 1997). Transpiration is
important for plants in terms of cooling and nutrient uptake, however, in regions of water shortage,
plants are adapted to limit water losses (Roberts, 2006).

2.2.3  Soil evaporation

Soil evaporation occurs in two stages: If soil moisture is high enough to equal the evaporative demand,
soil evaporation approaches potential values, normally for one or two days after rainfall or irrigation.
Afterwards, available soil moisture, not atmospheric demand, restricts soil evaporation (Dolman,
2006). Additionally, conductive properties of the soil control bare-soil evaporation rates (Wythers et
al., 1999). Conditions for evaporation from bare soils or from soils with patchy vegetation cover differ
from those in the dense, closed canopies often found in humid areas. In semi-arid environments, soil
evaporation can be a significant component of the water balance (Wallace and Holwill, 1997) at all
temporal scales through the high percentage of bare ground (Wythers et al., 1999). The distribution
between soil evaporation and the other elements of the water balance are subject to inter-annual
variability. Wallace and Holwill (1997) conclude for example for a patterned woodland in Niger that a
greater proportion of rainfall is lost in dry years as soil evaporation, thereby limiting the potential for
runoff generation. Bare-soil evaporation and transpiration as major routes of water loss from soils in
dry environments are closely linked, with varying contributions to the water balance (Wythers et al.,
1999).

2.3 Soil water and percolation

Soils are affected by processes of infiltration (i.e. movement of water from the soil surface into the
soil) and redistribution (i.e. the subsequent movement of infiltrated water in the unsaturated zone of
a soil) (Dingman, 1994). Redistribution comprises evaporation and transpiration, capillary rise (i.e.
upward movement from the saturated to the unsaturated zone), percolation and recharge (i.e.
downward flow in the unsaturated and from the unsaturated to the saturated zone resp.) and
interflow (i.e. flow that moves downslope) (Dingman, 1994; Rawls et al., 2000). Processes in the soil
depend on physical soil properties like grain size and porosity, but also on soil water properties such
as soil moisture content and hydraulic conductivity (Ward and Robinson, 2000). Water enters the
upper zone of the soil, the root zone, by infiltration and leaves it by transpiration, evaporation or
gravity drainage, whereas it reaches the intermediate zone below, if existent, by percolation and exists
it by gravity drainage only (Dingman, 1994).

Desert soils are characterized by the low availability of water limiting pedogenesis and the growth of
mesophytic plants over longer periods (Verheye, 2006). Processes and factors affecting soil processes
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act generally similar in semi-arid and arid areas as in other climates, but with different relative
importance (e.g. Yaalon, 1997). Single, local rainstorms increase soil moisture only locally and
temporally, followed by long, dry periods with high evaporation rates (Castillo et al., 2003); however,
this variance of soil moisture availability caused by irregularity and unpredictability of precipitation
decreases with aridity. In hyper-arid or arid zones, physical weathering prevails, whereas chemical
weathering and solution-precipitation are gradually more important in semi-arid zones (Verheye,
2006).

Distribution, maturity, thickness and permeability of soils vary locally due to biological activities,
landforms, time of exposure to weathering and parent material (Osterkamp, 2008). In steep terrain,
nearly bare slopes with shallow and often discontinuous soils may develop, mostly caused by
deforestration leading to erosion (Lange et al., 2003; Yaalon, 1997). In some areas, vegetated patches
and bare ground areas build a mosaic that is reinforced by the influence of the vegetated patches on
their environment and works as sources and sinks of water, sediments and nutrients (Canton et al.,
2011; Puigdefabregas, 2005). On footslopes and lowlands, accumulation of eroded coarse- or fine-
grained colluvium and alluviums form deep, fertile soils (Verheye, 2006).

2.3.1 Infiltration processes

Rainfall intensities and infiltration capacities of the soil limit the amount of infiltration into the soil
locally and pass their own heterogeneities on to the infiltration process (Beven, 2002). Infiltration
characteristics are additionally influenced by a variety of other local conditions, including vegetation
cover and land management, surface crusting and rock fragments and chemical and air pressure effects
(Beven, 2002). On some impermeable bare rocks surfaces and on sealed built-up areas, no infiltration
takes place.

In dry environments, infiltration rates decline usually comparably fast from their high initial values to
their lower and nearly constant final infiltration rates during the wetting process (e.g. Lange et al.,
2003, 1999; Rawls et al.,, 2000). The generation of surface crusts and the filling and blocking of
preferential flow paths by redistribution of fine sediments add to this effect (Beven, 2002; Kirkby,
2006). Vegetation proved to be the dominant control on infiltration on runoff generation in semi-arid
and arid areas e.g. (Bergkamp, 1998; Wainwright, 1996; Wilcox et al., 1988; Yair and Lavee, 1985). A
positive feedback exists between infiltration and vegetation in these environments (Beven, 2002),
since infiltration enhances soil moisture available for vegetation growth and vegetation enhances
infiltration through protection from rain splash and surface crust formation. Whereas sprinkling
experiments discovered high infiltration rates on naturally vegetated plots in the Eastern
Mediterranean (Cerda, 1998; Lavee et al., 1998), lower infiltration rates were detected in the same
area caused by surface crusts (Morin et al., 1989). The sparse vegetation does not protect soil surfaces
ideally from compacting by raindrops (Gintner, 2002). However, surface crusts are highly dynamic, as
they are broken up again over time by vegetation or wetting and drying circles (Kirkby, 2006). Rock
fragments at and below the surface of the soil both can either prevent or enhance infiltration (Giintner,
2002; Lange et al., 1999). Several studies showed that stone cover promotes infiltration by protecting
the surface from rain splash sealing (Cerda, 2001; Wilcox et al., 1988). However, only rock fragments
on the surface demonstrate a positive correlation with infiltration, whereas stone within the soil may
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reduce infiltration into the soil and directly affect hydraulic properties of the soil (see for example
Brakensiek and Rawls, 1994).

2.3.2 Percolation

The rate of percolation, i.e. the downward movement of water caused by gravity, is highly dependent
on soil types and the related saturated hydraulic conductivity (Ksat). The latter defines the unsaturated
hydraulic conductivity K, (Rawls et al., 2000) in combination with  soil moisture conditions. If deep
percolation reaches the water table, it turns into groundwater recharge (Rushton, 1997), either as
direct or indirect recharge. Whereas direct recharge replenishes groundwater reservoirs by direct
vertical percolation through the vadose soil zone, indirect recharge reaches the water table through
the bed of surface-water courses (Lerner et al., 1990).

Although evapotranspiration in semi-arid areas is highly effective, a fraction of the infiltrated water is
not lost to this process, but available for percolation (Scanlon et al., 2006). Capacities for percolation
and consequently groundwater recharge are limited by the availability of precipitation input (Camacho
Suarez et al.,, 2015). Percolation rates may be limited by an underlying impeding layer of either
impermeable or less permeable bedrock or a less permeable soil layer (Guan et al., 2010). With
increasing aridity, indirect groundwater recharge (i.e. through transmission losses during surface
runoff) is increased compared to direct recharge (Gee and Hillel, 1988; Simmers, 1997).

2.4 Runoff generation and concentration

Surface runoff occurs whenever the rate of precipitation exceeds the capability of the soil for
infiltration of water, either by limited infiltration rates of the otherwise unsaturated soil (Hortonian or
Infiltration Excess overland flow) or by soil saturation (Saturation Excess overland flow) (Smith and
Goodrich, 2005). The dominance of both mechanisms is dependent on climate and geography, they
are neither mutually exclusive on a watershed, nor at a point on a watershed (Smith and Goodrich,
2005). Perennial rivers in humid areas are supported by runoff generation through different processes,
including saturation excess overland flow, interflow, macropore flow or the outflow from of large
water bodies (Beven, 2012; Lange and Leibundgut, 2003).

In contrast, runoff generation processes dependent on abundance of water are not favoured in semi-
arid and areas, where the water balance is only favourable seasonally (Lange and Leibundgut, 2003).
As evident from many studies, antecedent wetness conditions of the catchment, limited storm extent
in space and time and pattern of rainfall intensities add to the complexity and non-linearity of runoff
generation processes (Beven, 2002). Runoff is often only generated above a certain runoff threshold
(Beven, 2002) and fast surface runoff components with a short time lag to the triggering rainfalls are
dominant (e.g. Beven, 2002; Pilgrim et al., 1988; Yair and Lavee, 1985). The relevant spatial infiltration
patterns are determined by surface properties and vegetation as well (Beven, 2002) (see 2.3.1).
However, with increasing aridity, the influence of vegetation and other biotic factors decreases and
the impact of abiotic factors increases (Lavee et al., 1998). Because vertical soil moisture exchange
dominates in semi-arid and arid areas, topography is less relevant than in humid areas for the
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generation of overland flow, compared to local differences in land use and soil properties (Kirkby,
2001).

Not all generated overland flow reaches a stream channel, but a fraction infiltrates on the way (Kirkby,
2006), a phenomenon called Run-on/Run-off effects (see section 2.4.5). Runoff generation on the hill
slope scale is mainly a matter of the connectivity between the runoff generating areas and the river
channel. In dry conditions, without the unity provided by subsurface flow, connectivity is generally
much less complete (Goodrich et al., 1997).

2.4.1 Depression storage

If the rate of precipitation not intercepted in the vegetation exceeds the actual infiltration rate, surface
depressions begin to fill. Only if precipitation is continuously higher and all surface depressions have
been filled, surface runoff is generated (Subramanya, 1994); otherwise, they hinder consistent
downslope flow of generated overland flow (Beven, 2002). The stored water is lost by infiltration and
evaporation and is part of the initial losses. The quantity of depression storage is influenced by several
conditions, mainly soil characteristics, surface characterises and soil moisture conditions (Subramanya,
1994). Its impact on single-event runoff generation is larger than on hydrological balances on greater
time scales (Musy et al., 2014).

2.4.2 Hortonian overland flow/Infiltration excess overland flow

High intensity precipitation often exceeds the local infiltration capacity of the soil and generates
Hortonian or Infiltration excess overland flow (IEOF). The mechanism first described by Robert E.
Horton (Horton, 1933) was frequently applied afterwards (e.g. Goodrich et al., 2008; Yair and Lavee,
1985) and is traditionally seen as the primary runoff generation mechanism in semi-arid and arid areas
(e.g. Beven, 2002; Smith and Goodrich, 2005). Studies show that runoff is more frequently generated
with an infiltration excess mechanism in semi-arid zones than in those with humid temperate climate
(Kirby, 1969, Beven, 2002). Soil surface conditions are highly relevant for this type of runoff generation
(Bronstert and Katzenmaier, 2001) that is favoured by short high intensities as frequently observed in
drylands (Smith and Goodrich, 2005) and low infiltration capacities, for example on bare soils, rock
outcrops or paved or sealed surfaces (see section 2.3.1).

2.4.3 Saturation excess overland flow

Saturation excess overland flow (SEOF) is more common in humid areas, where usually rainfall volumes
are higher, but intensities lower (Smith and Goodrich, 2005) and vegetation enhances infiltration. In
contrast to infiltration excess overland flow, it does not directly depend on the rainfall intensity.

Infiltration Excess overland flow is apparently the dominating process in some semi-arid areas as the
Walnut Gulch basin in Arizona (Goodrich et al., 1994) and Saturation Excess overland flow is not
traditionally considered to be relevant in dry conditions (e.g. Kirkby, 2006). However, several studies
confirm its relevance there, for example studies in Mediterranean catchments in Europe (e.g. Cerda,
1997; Martinez-Mena et al., 1998; Puigdefabregas et al., 1998) where runoff generation showed a
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stronger relation to antecedent conditions and rainfall volumes than to rainfall intensities. Saturated
areas will increase during a storm and decrease afterwards. Compared to humid regions, areas of
saturation depend more on antecedent wetting and soil storage capacities and therefore more on soil
characteristics than on topography (Beven, 2002). In humid regions, saturation can be caused by
capillary rise from shallow groundwater tables, whereas interaction with shallow groundwater systems
is generally limited to floodplains in arid and semi- arid environments (Grayson et al., 2006). Both types
of runoff generation mechanisms might occur at the same location during a storm (Lange et al., 2003)
and their respective areas will change during storm events, due to temporal variations in infiltration
capacities and soil moisture dynamics (Smith and Goodrich, 2005). Periods with exceptional weather
and seasonal variations can favour saturation excess behaviour, for example through more frequent
storms with lower intensity (Beven, 2002). However, the dominating runoff generation processes
gradually change along climate gradients, from SEOF to IEOF with increasing aridity (Lavee et al., 1998).

2.4.4 Subsurface stormflow

Subsurface stormflow or interflow is a runoff producing mechanism occurring when water moves
through soil or permeable bedrock laterally down a hillslope (Weiler et al., 2005). It contributes
considerably to storm runoff hydrographs in humid environments and steep terrain, specifically in
areas where vegetation is dense, hillslopes are straight, valley bottoms steep and narrow and soils
thick (Dunne, 1978; McDonnell, 2013). Conditions in semi-arid and arid areas are frequently different.
Here, vertical movement of soil moisture dominates and subsurface stormflow occurs only under
certain extreme conditions (high rainfall and high antecedent soil moisture) (Weiler et al., 2005). Field
studies exhibit even decreasing soil moisture levels downstream (e.g. Yair and Danin, 1980), which
hints on negligible downstream flows.

2.4.5 Runoff concentration

On its way to the channel, pedology, geology and vegetation of the basin influence the generated
overland flow. The type of runoff generation process and the location of source areas, i.e. close to the
outlet or the stream channel or at the top of the hillslopes, influences the shape of runoff hydrographs
as well (Pilgrim et al., 1992).

In dry environments, spatial heterogeneity and temporal variability in precipitation and infiltration
rates cause a patchy and inhomogeneous nature of runoff generation processes. They subsequently
complicate the way of generated overland flow down the hillslope (Lavee et al., 1998) and trigger run-
on effects, i.e. runoff generated upslope not infiltrating further downslope that does not contribute
directly to streamflow (e.g. Eilers et al., 2007; Smith and Goodrich, 2005). Instead, it increases soil
moisture in the downslope areas and contributes potentially to saturation excess runoff generation in
these areas. Areas with locally increased infiltration capacities, e.g. due to soil cracking or vegetation,
are specifically suited for generation of run-on (Beven, 2002). Where rainfall is not sufficient to support
a closed vegetation cover, patches of areas contributing to overland flow and water accepting areas
exist (Lavee et al., 1998).
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2.5 Channel flow processes

Overland flow reaching the channel is influenced by the physical characteristics of the river basin and
of the channel itself (Lamb, 2006). The gradient of the channel bed and the channel reach geometry
for example influence flow velocity, travel time and sediment transport capacity (Mosley and
McKershar, 1993). Functional relationships exist between the streamflow, watershed characteristics
and channel form (Mosley and McKershar, 1993): Flow in a certain channel reach integrates all
hydrological catchment processes upstream, but determines the shape of the channel at the same
time.

In semi-arid areas, streams are often ephemeral (e.g. Bull and Kirkby, 2002) due highly seasonal
precipitation and mostly intermittent springs. Therefore, flows are mostly flash floods, characterized
by steep rising limbs, sharp peaks and steep recession limbs. High intensity rainfall and runoff
generation dominated by overland flows cause the steep rising limbs and the short-lived nature of
runoff, whereas the transmission losses (see below) define the steep recession limbs (Bull and Kirkby,
2002).

Transmission losses, i.e. the infiltration through the channel bed, change shape and magnitude of
hydrographs, reduce runoff volumes and contribute to groundwater recharge (Camacho Suarez et al.,
2015) and to the non-linearity in hydrographs (Beven, 2002). This process is particularly frequent in
ephemeral streams, where high amounts of water run occasionally as flash floods through otherwise
dry channel beds (e.g. Goodrich et al., 1997; Walters, 1990). Channel beds can absorb large volumes
of water e.g. (Lange, 2005; Sorman and Abdulrazzak, 1993), since groundwater and surface water are
not closely linked like in most humid regions (Lange, 2005; Walters, 1990). Principally, infiltration in
the context of transmission losses equals the processes described in chapter 2.3.1, but is complicated
by varying conditions in the channel bed and on flooded overbank areas and by the variability of
channel bed properties (Beven, 2002; Lange, 2005). Relevant factors for the generation of transmission
losses include flood volume, entrapment of air, scour and fill processes, characteristics of the alluvium
and the time between runoff events (Lange and Leibundgut, 2003).

3 Model realization TRAIN-ZIN

3.1 From the perceptual to the conceptual model

The perceptual model of the previous chapter identifies the dominating processes and leads to the
specification of the conceptual model, i.e. the equations chosen to model the incorporated processes.
For this transition, it is necessary to focus on the most important aspects of the perceptual model and
find realistic representations, including necessary simplifications (Beven, 2012). The following section
describes the conceptual model of TRAIN-ZIN.
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3.2 General model structure

Model realization is based on two existing models: The TRAIN model is a physically-based, semi-
distributed approach which focuses on long term vertical water exchanges at the soil-vegetation-
atmosphere interface (Menzel et al., 2009). (Semi-)arid runoff generation processes and transmission
losses in dry ephemeral channels are the main focus of the ZIN model. It was originally developed for
single events with its first application in Wadi Zin, Israel (Lange et al., 1999). Modules of both models
have been changed to adapt the final model to the perceptual model drafted in the previous chapter.

Climatic paramaters
e.g. solar radiation

Albedo Transpiration —=

Vegetation parameters |
e.g LAl and Albedo I Interception —Lp. | °§"

/ evaporation

Interception storage |
S i Sub-
_\ A - -\ catchments
Landscape parameters ‘|, s | :

Channel
parameters

e.g elevation, landuse e
1 Runoff |— Eﬂ:'at?h':;l —_—
concentration
Soil evaporation
. s T Infiftraticn
Soil chlaracterlstlcs Ly |Soil tl:oustule emi"s.,unoﬁ.
2.g field capacity / storage Saturation
oy Transmission
excess runoff
- Percolation ks
- £ *
r
Terrain types; >
Infiltration Zl N
charact.

horizontal water flow

Figure 1: Schematic overview of the TRAIN-ZIN model (Gunkel and Lange, 2012)

Coupling required technically the combination of existing model code with a mixed-language
programming approach (C++ and FORTRAN). The user controls the model setup through a text file. The
soil moisture routine as interface between the two models has been newly conceptualized and
programmed. Most other routines have been modified and improved compared to their original
versions. Figure 1 gives a schematic overview of the model concept. Table 1 presents a short overview
of the processes considered and their routines. They are further described in the following sections.
The TRAIN-ZIN user guide contains complementary practical advice and is available on request from
the authors.

3.2.1 Temporal and spatial resolution

Principally, the user chooses the temporal and spatial resolution suitable for the purpose and data
availability in the specific application. However, the effect of the variability of processes in time and
space on the hydrology of the basins and their modelling is well known (Shah et al., 1996). If model
time steps are too long, rainfall intensities and consequently surface runoff may be underestimated
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(Bronstert and Katzenmaier, 2001). Changes of soil moisture and runoff rates, for example, require a
timescale of several minutes only to include their fast changes (Smith and Goodrich, 2005). A high
temporal and spatial resolution is part of the general perceptual model of semi-arid hydrological
processes and therefore a central aspect of TRAIN-ZIN.

Table 1: Processes considered in TRAIN-ZIN and their model routines (Gunkel and Lange, 2012, modified)

Model A
. Description
routine
Rainfall input - Different options can be chosen: Rainfall grids (e.g. radar data) or station data with
different interpolation methods (Thiessen polygons, Inverse distance weighting)
Interception - The amount of water stored in the canopy is assessed, then evaporation loss according to
Penman equation is calculated (Menzel et al. 2009)
- Seasonal development of the Leaf Area Index (LAI) determines the interception capacity of
vegetation types
Evapo- - evapotranspiration from sparsely vegetated areas (soil evaporation and plant

transpiration) is calculated with the approach of Penman-Monteith (Monteith, 1965) or of

t irati
ranspiration Shuttleworth-Wallace (Shuttleworth and Wallace 1985)

Snow routine Snow accumulation and melting schemes are simulated by a degree-day equation

Soil moisture
storage

Storage capacity is calculated according to soil characteristics

The storage is filled by infiltrating rainfall and emptied by evapotranspiration and
percolation; percolation rates are based on unsaturated conductivity (Van Genuchten
1980)

Overland flow After initial loss by surface detentions is filled, infiltration excess overland flow is calculated
generation comparing rainfall intensity with infiltration rate
When the soil storage is filled, saturation excess overland flow is simulated

Runoff Overland flow calculated for all grid cells is concentrated in sub-basins and transferred to
concentration corresponding channel segments

Runoff concentration is performed either by measured transfer functions or by a synthetic
unit hydrograph considering slope and area of the sub-basins

Channel Routing is achieved by the non-linear, implicit Muskingum-Cunge method (Ponce and
routing Chaganti 1994)

Transmission losses are quantified as instantaneous infiltration using the Green-Ampt
approach (Green and Ampt 1911)

However, whereas a timescale of few minutes is necessary to capture the dynamics of surface runoff,
characterisation of other processes is possible with longer time steps (Smith and Goodrich, 2005).
Hence, since different processes require different resolutions in space and time, time steps can be
chosen specifically for some of the model routines (see Figure 2). Evapotranspiration processes are
generally modelled with a daily timestep; this is assumed to be sufficient for the representation of
evapotranspiration processes for the purpose of hydrological modelling and under the restriction of
computational time. Processes concerning the soil storage (i.e. infiltration, runoff generation and
percolation) are modelled with a user defined time step (typically five minutes in previous applications)
reflect the higher temporal dynamic of these processes. For routing processes, even shorter time steps
are normally assumed (typically one minute).
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§ % Read precipitation data for each grid cell from input file;
b for station data, interpolate spatial averages
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_
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Figure 2: Temporal sequence of model routines in TRAIN-ZIN with their resolution in space (Grid/Subbasin/Channel segments)
and time (Daily/User defined time steps)
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In terms of spatial representation, each investigated catchment is subdivided into subbasins linked by
a channel network and into a grid. Different concepts apply to the grid based processes
(evapotranspiration, runoff generation, percolation) and the routines processed in subbasins (runoff
concentration and channel routing). Some of the parameters for the grids can be defined based on
terrain classes with similar response in terms of hydrological processes, comparable to hydrological
response units, but calculations are executed for each grid cell. Fluxes between grid cells are not
considered. Instead, overland flow generated in grid cells (see chapter 3.6) is aggregated into small,
user defined subbasins and transferred to the channel considering a delay based on runoff
concentration processes (see chapter 3.7). Runoff in the channel is then routed towards the basin
outlet applying a Muskingum-Cunge approach (see chapter 3.8).

3.2.2 Input and Output

Soil and land use data are the most important information for parameterization, besides climatic data.
In general, it is the idea of the model setup that no predefined classes are implemented within the

model, but that the number of soil or landuse classes are defined by the user.

Principally, TRAIN-ZIN delivers output for all elements of the water balance as grids with the required
temporal aggregation (daily, monthly, yearly, mean) or spatially aggregated for certain areas, e.g.
subbasins of the study basin. In addition, hydrographs can be calculated for all channel segments of
interest.

Terrain map

A central aspect of the model input is the basin-wide delineation of terrain units with similar
hydrological characteristics, so called hydrological response units (HRUs) (see for example Beven,
2012). Defining these units relies on soil type, land use and geology. Their spatial distribution as well
as their parametrisation represents not only similar conditions regarding runoff generation processes,
but also in respect of soil and subsurface conditions and characteristics of water retention. Figure 3
shows an example of a map of terrain types, prepared for the Wadi Kafrein in Jordan by Alkhoury
(2011).

3.2.3 Process modelling
Each grid cell is a modelling unit for which the water budget is applied:
Si(t+ 1) =5;(t) + Pi(t) — ETi(¢) — OF;(t) — RE;(t) (1)

where §; is soil storage [mm], B, is precipitation [mm], ET, is evapotranspiration [mm], OF; is overland
flow [mm] and RE; is recharge [mm], each for time step t and grid cell element i. The length of the time
steps and the number of grid cells are specified by the model user.

Exchange of data connects the model routines, whose temporal sequence is shown in Figure 2. For
routines executed on grids, all sub-daily time steps are executed for a given day before the model
proceeds to the next day. Results from all gridded processes are saved and the non-gridded steps are
executed subsequently reading this data.
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Figure 3: Example of terrain types (Alkhoury, 2011)

3.3 Precipitation

TRAIN-ZIN requires precipitation input in gridded format and sub-daily resolution. The model offers
different options for precipitation input to adapt to local availability of precipitation data. For
interpolation of time series from rain gauge stations to aerial rainfall distribution, Thiessen polygons
and Inverse-Distance-Weighting are implemented as interpolation techniques in TRAIN-ZIN. Data from
rainfall radar or other gridded data, e.g. derived from satellite or from external interpolation, can be
read directly into the model.

3.3.1 Station data

Data from rain stations is read into the model as lists with station IDs, coordinates und rainfall input
per timestep und used to interpolate rainfall grids for each timestep with one of the two available
geometric interpolation techniques.

Thiessen polygons

For Thiessen polygons, polygons around a station contain all grids cells for which this station is the
nearest of all available stations. Consequently, the station’s precipitation value is assigned to all these
grid points as the best estimate. The advantage of this relatively simple, but widely used approach is
the low computational complexity (Dingman, 1994), its disadvantages is the poor representation of
orographic effects and of the stations’ spatial distribution, particularly if rainfall variability in space is
high (Maniak, 2005).

18



Model realization TRAIN-ZIN

Inverse Distance Weighting including altitude correction

Inverse distance weighting (IDW) is a relatively frequently used approach for interpolation of areal
precipitation based on rain gauge station data (Smith, 1992). The approach estimates precipitation
P(x,y) at a certain point (x,y) based on several stations in the proximity. Values from a station P; closer
to the point get higher weights than more distant stations. Thereby, the method creates smoother
distributions of rainfall values than the Thiessen polygons.

Rainfall value F] for a grid cell j is calculated with a weighted average of station values Pi. Weighting

factor is the squared distance d between station i and grid cell j:

— 1
szaz?:lﬁpi 2)
ij
1 -1
witha = ( ?zld_z) (3)
ij

Stations in a great distance of the point have a relatively low influence and can be neglected in TRAIN-
ZIN to save computing time. IDW is not applicable if the stations are on different altitudes and the
rainfall is strongly height-dependent. An altitude correction is therefore implemented as additional
option (Hagenlocher, 2008). First, rainfall values are converted into values on a reference level P
using the percentage of precipitation increase in 100m specified by the user as gradient grad:

Pstat (4)
1-grad-(hstqae— href)

Pref=

where Pt is the measured precipitation value and hg.: and hees are the altitude of station and reference
respectively [m absl]. After applying IDW, the values of the cell are re-converted to values on the
original altitude P; using the same gradient (Sevruk, 1982):

P = Prep-(1+ grad- (hj - href)) (5)
3.3.2 Depression storage and net precipitation

The initial losses of water to the filling of depressions are conceptualized as a storage approach; with
maximum storage capacity as an input parameter. The depression storage is filled through
precipitation not intercepted (see 3.5.2) and emptied through evaporation:
) Py, =D

SD (t) — { D,max th SD (6)
Sp(t—1) —Ep(t) + Pen, Pen < Dsp

with

Dsp = Spmax — Sp(t —1) — Ep(t) (7)

where Dg, is the depression storage deficit, Sp(t) is the depression storage at timestep t and Sp(t-1) at
previous timestep, Sp,max is the maximum capacity of Sp, Pw(t) is the part of the rainfall of this timestep
that is not intercepted and Ep(t) is the evaporation from the storage.

Overflows are called net precipitation Pnet(t), i.e. the part of the rain that is neither intercepted nor lost
to depression storage in timestep t:
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_ (Ptn — Dsp, Py = Dgp
Pnet(t) - {0’ Pth < DSD (8)

3.3.3 Snow module

Processes of snow accumulation and snow melt are simulated in TRAIN-ZIN conceptually at daily
timestep. As in many hydrological models, snow melt is estimated based on the empirical temperature-
index approach (Anderson, 1973; Davison and Pietroniro, 2006). More complex approaches require
data not commonly available (Dingman, 1994) and do not produce superior results in many cases
(Lindstrom et al., 1997). The snow routine calculates the amount of precipitation occurring as snow,
the height and development of snow cover based on melting and accumulation processes as well as
the determination of melt water quantities. During snow cover, only the part of snow that is melted
can evaporate, with the assumption of potential evapotranspiration taking place. Melted water
contributes to net precipitation.

During melting, energy input of from longwave radiation or from turbulent exchange is approximately
a linear function of air temperature for snow surface temperatures around 0°C (Dingman, 1994).
Therefore, air temperature can be used as a proxy for energy input triggering snowmelt processes. The
share of snowfall in precipitation is calculated based on a critical temperature. Precipitation
accumulates as snow if temperature falls below this value:

0, T = Tul
Tut— Taiff—T

Csnow = 2 Tapr Ty <T< Ty (9)
1, T < Tll

where cgnow [-] is the share of snowfall in precipitation, T, Tu, Ty are actual temperature, upper limit
temperature (=1.6°C) and lower limit (=-0.4°C) temperature resp., Tsox is the temperature with 50%
share of snow in precipitation (=0.6 °C) and Tgi is half the interval between Ty and Ty (= 1 K). The
accumulated snow coverage SC [mm] of the current timestep is defined as:

SC(t) =SC(t—1)+ P Cspow (10)

The amount of snow melt M [mm)] in each timestep depends on temperature as well and is calculated
with the degree day or melt factor ¢, [mm °C* d?]:

0, T <T
M = At
{ co(T— T )55 T 2 Tpr

where T, is the temperature limit for no melt (=0°C).

(11)

3.4 Soil water and percolation

The soil module is the connection between the processes of evapotranspiration, runoff generation and
percolation. It calculates the actual water content in the soil 8 at each timestep t, thereby balancing
water fluxes into the soil with those leaving it. Input into the soil is given as net precipitation, i.e. the
precipitation that is reduced by interception losses and depression storage (see 3.3.2). Infiltration
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capacity is a further limitation to potential input, since net precipitation exceeding it runs of instead of
infiltrating (see 3.6). Relevant soil parameters are the maximum soil moisture content 8s and the
hydraulic conductivity K¢, whereby high values of the latter increase soil drainage and make saturation
less likely. The applied soil parameters are defined for each terrain type.

3.4.1 Soil storage

Each grid cell constitutes a soil storage that is characterized by the maximum soil moisture content 65
(based on porosity and soil depth) and the maximum fluxes (infiltration capacity and saturated
hydraulic conductivity) that may enter or leave the storage. It is homogeneous storage without vertical
layering. Figure 4 illustrates this concept. Soil water deficit is also relevant for the calculation of
evapotranspiration (see 3.5.3).

Soil moisture 6 at the end of timestep t is defined as:

ofi O S
where

Dsm(t) = 05 — B¢t (13)
and O, = (B(t—1) —E (t) — Per (t)) (14)

where Inf(t) is the infiltrating water (see 3.6.1), ET(t) is evapotranspiration and Perc(t) is percolation,
all in timestep t. If infiltration potentially exceeds soil moisture deficit Dsw(t), water runs of as
saturation excess overland flow (see 3.6.3).
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Figure 4: Schematic overview of the soil storage concept of the model
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3.4.2 Percolation

Percolation of timestep t, Perc(t) [mm], depends on actual soil moisture 8 and unsaturated hydraulic
conducitivity K(8). The latter is calculated for each timestep, in accordance with the Mualem-Van-
Genuchten equation, as:

1 1qm 2
o= - [- ]
with
m= (16)

where K is the saturated hydraulic conductivity, 0 the actual water content, 6, the residual water
content and o the Brooks-Corey grain size distribution index. With the ,unit gradient“-assumption
(Nimmo et al., 1994; Rimmer and Salingar, 2006) of an uniform distribution of soil moisture within the
soil profile, Perc(t) equals the unsaturated hydraulic conductivity K(0). To incorporate the limiting
effect of underlying impending layers on the soil drainage, the user can specify a gridded maximum
value ke jimit for unsaturated conductivity. Calculated conductivities exceeding this threshold will be cut
down to this value, conductivity characteristics of any underlying lithological layer (interface soil —
bedrock) or at any impending layer:

Perc(t) = min(Ks imit, K(0)) (17)

3.5 Evapotranspiration and interception

TRAIN-ZIN aims at estimating the different components of evapotranspiration in detail, as described
in the following sections. For this purpose, it needs soil moisture conditions, precipitation and other
meteorological input (air temperature, relative humidity, wind speed and global radiation) as well as
grids with landuse data. The so called crop model provides the required vegetation parameters, e.g.
the leaf area index, as built-in values for predefined landuse classes. The plant parameters vegetation
height and leaf area index are changed to consider the phenological phases of the particular plant
species that influence the relative distribution of transpiration and soil evaporation (Zhou et al., 2006).

3.5.1 Crop model

The crop model provides parameters for calculating interception and evapotranspiration. It defines
relevant vegetation parameters based on phenological phases and plant physiological processes and
incorporates results from field studies and literature values (Federer et al., 1996; Huntingford, 1995;
Liancourt et al., 2009; Vérésmarty et al., 1998; Zhou et al., 2006). For the implemented land use classes,
the following specific, temporally variable parameter values are defined: leaf area index (LAI) (-),
vegetation height (Vegh) (m) and interception storage capacity (ISK) (mm). These values and their
seasonal variation (Table 2) are assumed for a climatological average season and do not change with
the climatological character of the modelled years, as it would be the case in plant-physiological
models.
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Table 2: Land use parameters for evapotranspiration: Index and description of landuse class, corner points (day of the year)
for the phenological development of the plants da-dd, number of layers (Layer), Leaf area index (LAI), maximum vegetation

height (Vegh) and Interception storage capacity (ISK)

Index | Description da, db, dc,dd Layer | LAI Vegh ISK

19 Grazing land 305/20/120/220 | 2 1/1.8 0.5 0.69-1.28

21 Set aside (fallow) 305/20/120/220 | 2 1/1.8 0.4 0.69-1.28

22 Wood Savannas 305/20/120/220 | 2 1/1.5 1.0 0.69-0.92

32 Cropland/natural 305/20/120/220 | 2 1/5 0.6 0.69-1.78
vegetation mosaic

33 Open shrubland 305/20/120/220 | 2 1/4 0.5 0.69-1.61

44 Grassland 305/20/120/220 | 2 1/1.8 0.3 0.69-1.03

55 Wood Savannas 305/20/120/220 | 2 1/1.5 1.0 0.69-0.92

66 Barren or sparsely - 1 0.7 0.2 -
vegetated

77 Sealed surfaces - 1 1 0.1 -

115 Vegetables 332/84/135 1 0.05/1.75/3.5 0.05/0.5 0.06-1.95

116 Fruits 332/84/135 1 0.05/2.5/4 0.05/1.5 0.06-2.09

117 Cropland 332/84/135 1 0.05/3.5/5.5 0.05/0.8 0.06-2.43

118 Cropland 332/84/135 1 0.05/3.5/5.5 0.8 0.06-2.43

125 Water bodies - 1 1 0.07 -

Simulation of the phenological development is based on critical days during the phase like the
beginning and the end of the vegetation period (da-dd). Thereby, different general distributions are
assumed for different land use types. In the actual model version, phenological development is
parametrized for the conditions in the Eastern Mediterranean and could require some modifications
for applications in other dryland areas of the world.

3.5.2 Interception model

Modelling interception in TRAIN-ZIN follows the interception model developed by Menzel (1997) as
part of the TRAIN model and is based on detailed field studies. It calculates interception and
evaporation of intercepted water in a detailed way by dividing the vegetation into different layers
(Table 2). As in most interception models, plant surfaces represent an interception storage that is filled
by rainfall and emptied by evapotranspiration and drainage towards the ground. By simulating
evaporation on the basis of individual water drops, the applied strategy is one of the more complex
approaches (Gintner, 2002).

The idea of the model is to compromise between representing the complexity of interception
processes (see 2.2.1) and being parsimonious in its data need. Modelling interception is based on
commonly available data, i.e. precipitation, leaf area index (LAI), vegetation height, net radiation, wind
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speed, temperature and relative humidity. The following description is a short summary of the more
detailed description of Menzel (1997).

Interception modelling takes place as first step of the evapotranspiration routines and is not affected
by the choices made for the evapotranspiration modelling (Penman-Monteith vs. Shuttleworth-
Wallace approach). If the complexity of the routine seems exaggerated for the sparser vegetation
cover of a study area, it can be efficiently reduced by lowering the number of vegetation layers
considered.

Interception storage

Each vegetation class is associated with a canopy storage capacity ISK [mm] and is divided in a number
of layers depending on the plant species it represents and their vertical leaf distribution. Actual
interception ISF, i.e. the amount of water storage in the canopy, is simulated as a function of
precipitation input and storage capacity. Total interception | of timestep t is subsequently calculated
based on the actual interception of this timestep, ISF;, and of the previous timestep, ISF..1, and the
evaporation from interception E;:

Iy = ISF,+ [ E;dt— ISF,_, (18)
Interception evaporation:

For each layer, the intercepted water is diverted to the different layers in accordance with the vertical
leaf area distribution and will be divided into single drops with a predefined volume. Evaporation from
interception is calculated for each layer considering number and volume of drops, climatological
conditions in the canopy and the resulting evaporation of representative drops for each layers.
Evaporation of a drop Ew [J s 1] is calculated, following the principles of turbulent fluxes of latent heat
applied to curved surfaces and an approach of Zhang and Gillespie (1990), as:

AR
Fy [ F;lld+ pcy (es—e)]

AFy
<1+ Fh)

where A is the gradient of the saturation vapour pressure curve [hPa K] at temperature T, e is air

E, =

(19)

pressure and e, saturation vapour pressure of surrounding air, R,,4 is drop net radiation [W m™], A,
and A, are the upward facing surface area of the drop and the area of the base of the drop, respectively
[m?3], p is air density [kg m3], ¢p the specific heat of air at constant pressure [J kg™ K] and y is the
psychrometric constant [hPa K!]. At the end of a timestep, total evaporation from interception E, is
calculated by multiplying drop evaporation E,, with the number of drops in this specific layer (see also
Menzel, 1997; Zhang and Gillespie, 1990).

3.5.3 Evapotranspiration model

Existing modelling approaches for evaporation from soil and transpiration from plants cover a wide
range in terms of process representation, parametrization and data demand (Zhou et al., 2006). The
impact of vegetation is ignored in traditional empirical PET models such as the models of Hargreaves
and Priestley-Taylor that focus on the effect of atmospheric demand on PET (Yang, 2015). But
vegetation is part of the popular resistance models that consider aspects of energy balance and
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aerodynamic principles (Dolman, 2006). Two of these approaches are implemented in TRAIN-ZIN: the
Penman-Monteith equation (P-M) (Monteith, 1965) because of its popularity and plausibility
(Shuttleworth, 2001) and the Shuttleworth-Wallace approach (S-W) (Shuttleworth and Wallace, 1985)
because of its suitability for drier areas. The model user can decide on the best option depending on
modelling task. However, P-M is used to estimate evaporation from intial losses and water bodies in
all cases. Meteorological input is possible to be spatially homogeneous or distributed as grids.

Penman-Monteith (PM)

The “big leaf approach” is the principal assumption of the Penman-Monteith approach (Monteith,
1965) considering transpiration as transpiration of a closed uniform vegetation cover. As an extension
of the Penman equation (Penman, 1948) that simulates potential evapotranspiration ignoring water
stress, it includes two different resistances to transpiration (Figure 5a): Canopy resistance 7, [s m?]
that represents the effects of partially closed stomata on evapotranspiration and reaches zero for well-
watered conditions and aerodynamic resistance 7, [s m™]. Because the equation considers energy
balance and aerodynamic principles likewise, it is a so called combination equation (Stannard, 1993).

Atmosphere

rd
Casopy
Seil

Figure 5: Structure of the Penman-Monteith model (a); Shuttleworth-Wallace model (b) (Yang, 2015)

Evapotranspiration according to Penman-Monteith Epm [mm d?] is calculated by:

D
AA+cy, pg —
l [ P Ta] (20)

Epm = 2 A+y(1+:—2)

where A is the latent heat of vaporization of water [MJ kg], A is the gradient of the saturated vapour
pressure curve [hPa K], A is the available energy [J m™ s'], ¢,, the specific heat of moist air [J kg™ K],
Pq the density of air [kg m], D the vapour pressure deficit [hPa], y the psychometric constant [hPa K
1], r,is the aerodynamic resistance [s m™] and r. the canopy resistance [s m™?]. Auxiliary equations are
summarized in Table 3.
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Table 3: Auxiliary equations for the calculation evapotranspiration according to Penman-Monteith

Term Unit Equation
Vapour pressure deficit D [hPa] D = (e;—e)
Saturation vapour pressure e [hPa] e. = 6.09 10(%)
actual vapour pressure e [hPa] o = relHum .
¢ 100 °*®
latent heat of water vaporization 1 [MJkg-1] | A = 2.5006 — (0.00234 *T)
gradient of the saturated vapour pressure curve | [hPa C?] A 4098 e;
A ~ (237.3+T7)2
psychometric constant y [hPa C1] % P
v el
atmospheric air pressure P [hPa] 293 — 0.0065z2\°2¢
P =101.3 (—)
293
Density of air p, [kg m?] _ P
Pa T.R

e: actual vapour pressure [hPa], T: air temperature [°C], rel[Hum: relative humidity [%], € : ratio of the molecular weight of
water vapour to that of dry air (=0.622), c,: specific heat of moist air (1.013 MJ kg °C?), z: elevation above sea level [m], R:
specific gas constant (= 0.287 kJ kg1K-2), T,: virtual temperature of air (=1.01*(273+T))

The available energy A [W m?] is estimated by:

A=(R,—G) (21)

where R,, is the net radiation [W m™] and G is the soil heat flux [W m™]. As in many applications of PM,
the soil heat flux G [W m™] is set as a fraction of R, [W m™]:

G=Cr R, (22)

For the coefficient Cr, different values exist in the literature (see for example Allan, 2005), here, the
frequently applied value of 0.2 is assumed (e.g. Giintner, 2002; Stannard, 1993; Wallace and Holwill,
1997).

Determining aerodynamic resistance ,[s m~1] follows a semi-empirical approach based on the work
of Thom and Oliver (1977) and depends on measured wind velocity and an estimation for the
roughness length:

[ln% ’

o= 472 (1+0.54 u,)

(23)
where zo is roughness length (= 0.125 vegetation height h) [m], z is the reference height (=2 m) and u,
is wind speed in at reference height [m/s].

Canopy resistance 7. [s m™] is determined considering different environmental stress factors based on
an approach of (Jarvis, 1976):

_ ST min
Te = LAlr Tl Fi(Xy) (24)
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where rst_minis the minimum stomatal resistance of individual leaves under optimal conditions [s m™],
Xi is any environmental variable upon which stomatal response depends, Fi(X;) is the stress function of
Xi (0 < F;(X;) < 1) and LAlex is the effective leaf area index [-]. 757 min is estimated as 30 sm™ (Dorman
and Sellers, 1989; Lhomme et al., 1998).

The environmental factors or stress functions account for the influence of radiation (Fi(S)), air
temperature (F2(T)), and soil moisture (F3(6)) on stomatal resistance. The impact of photosynthetically
active radiation is crucial and cannot be skipped (Lhomme et al., 1998):

Fi1($) = (dS)/(c +5) (25)

c
1000

withd = 1+

(26)

where S is the incoming photo-synthetically active radiation [W m™] and ¢ and d are parameters,
whereby c is set to 100 for forests and 400 for crops. Solar irradiation is replaced by the daily mean of
net radiation for simplicity (Zhou et al., 2006).

Regarding temperature, it is assumed that the stomata are closed completely for temperatures below
zero degree Celsius. The limiting influence of temperature T[°K] on stomata opening decreases
approximately linearly until it reaches the threshold of 25°C, above which it is not relevant anymore
(zhou et al., 2006):

1,T =298
F,(T) = {1 —1.6x1073(298 — T)?,273 < T < 298 (27)
0, T <273

The stress function of soil moisture is calculated as:
1,0 = 6
6-0,
-, 6p <6 <0y, (28)

07—6
0,6 <6,

F3(6) =

where 6 is the soil moisture content in the soil zone, 6 field capacity below which the transpiration is

stressed and 6, residual soil moisture content.

The effective leaf area index LAl [-] considers only the upper leaves in the canopy, since only those
participate in the transfer of heat and vapour, while the stomata near the ground are closed due to
illumination (Zhou et al., 2006). It is calculated based on the leaf area index LAI:

LALLAI <2
LAlpp ==, LAl > 4 (29)

2, 2< LAl < 4
Shuttleworth-Wallace (SW)

Another widely employed equation is the Shuttleworth and Wallace model (S-W) that extends the
Penman-Monteith (PM) method to sparsely vegetated area (Shuttleworth and Wallace, 1985). Concept
and required data are very similar (Stannard, 1993), but S-W introduces an additional resistance factor
to cover evaporation from substrate soil in addition to transpiration from vegetation (Zhou et al.,
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2006). Due to this focus on soil evaporation, the approach is generally favourable in drier climates and
performed well in previous studies (Stannard, 1993; Vérésmarty et al., 1998).

Treating the canopy as a closed uniform cover (“big leaf” assumption) as in the P-M approach is
problematic in larger basins, especially in drier areas. The assumption of a closed cover is not valid for
all vegetation types and all stages of vegetation development. Moreover, it neglects energy fluxes
between soil and vegetation cover or atmospheric boundary layer (Shuttleworth and Wallace, 1985).
Evaporation from soil (Es) and from canopy (E.) are not distinguished. In contrast, the model of
Shuttleworth-Wallace considers energy fluxes from different components like soil and vegetation
(Yang, 2015), but in the two-layer conceptualization, the canopy is assumed to be above the soil layer,
not an adjacent source with full radiation input (e.g. Yang, 2015).

Plant transpiration ET. and soil evaporation ETs, multiplied by weighting factors C. and C; sum up to the
total evapotranspiration AETsw [W m2] of the land surface according to Shuttleworth and Wallace
(1985):

AETsy = C.ET. + C4ET, (30)
Plant transpiration ETc is determined by:

 Pacples—e)—Arg As
' %+ 718

A+ (1+ i)
Y % +718

AA

ET, = t (31)

And soil evaporation ETs is:

- - S -_—
AA:Pa cples rfl)JriSra (A-As)
ET, = g t (32)
A+y(1+ = )

S
TatTa

The coefficients C. and C; are determined by:

1

C.= 7 RcRa (33)
¢ (1+R5(RC+R0_))
Cs = : (34)
~ (1._RsRa
° (1+Rc (RS+Ra))
with
Ro=(Q+y)*1g (35)
Ry=(@Q+y)xrg + y*13 (36)
Re=Q+Y)*1rg + y*1y (37)

where A is the gradient of the saturated vapour pressure curve [hPa K], R,, is net radiation [W m™],
Cp is the specific heat of moist air [J kg K], pa is the density of air [kg m3], A is the available energy
[W m2], As is the available energy at the soil surface [W m™], A is the latent heat of water vapourization
[J kg] and y the psychometric constant [hPa K]. The resistances included are: 1 the aerodynamic
resistance between the substrate and the canopy, 2 the aerodynamic resistance between the canopy
height and reference level, ¥ the surface resistance, ¢ the canopy surface resistance and r{ the bulk
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boundary layer resistance of the vegetation elements in the canopy (all in [s m™]). The term (eg — e)
is the vapour pressure deficit at reference height, with e as the saturation vapour pressure [hPa] and
e as the actual vapour pressure [hPal.

Most parameters are identical to those applied in the PM approach and described in the previous
section. Unique to the SW model is the available energy at the soil surface As [W m™] that is given by
the expression:

A=R.c (38

where R; is the net radiation-flux into the substrate [W m™] and G the soil heat flux [W m™?]. Net
radiation at the soil surface R; is reduced compared to net radiation above the canopy R. by
absorption within the canopy. It can be estimated with Beer’s law:

R; = R, e**4(39)

where K is the coefficient for canopy extinction of net radiation. Values of k in the literature range
frequently between 0.3 and 0.7 (see (Zhou et al., 2006)), with higher values for denser canopies. A
medium value of 0.5 seems appropriate for semi-arid shrubs and crops (Stannard, 1993).

For the aerodynamic resistances 7; and 7, the formulations of (Zhou et al., 2006) based on
(Shuttleworth and Gurney, 1990) implemented in TRAIN-ZIN assume that the turbulence within the
canopy decreases exponentially and avoid iterative running of the model. Some auxiliary equations for
the calculation of resistances can be found in Table 4.

The aerodynamic resistance between the substrate and the canopy 75 [s m™] is given by:

= R [y () exp (2552)] am

cKp

and the aerodynamic resistance between the canopy height and reference level & [s m™] is estimated

as:

i = oG+ g [ (e (1= 3)) 1] )

where h is the vegetation height [m], Kxis the eddy diffusion coefficient at top of canopy [m? s}], u, is

the friction velocity [m s'], zm is the height of mean canopy flow (=0.76 h)[m], z: is the reference height
of measurements (= 2 m), c is the eddy diffusivity decay constant in the atmosphere (= 2.5) [-],do is
displacement height of canopy [m], z, is the roughness length of canopy [m], z§ is the roughness
length of bare soil surface (=0.01) [m], and k is Karmans constant (=0.41). The value for the constant
eddy diffusivity decay c is set to represent agricultural crops (Zhou et al., 2006).

Table 4: Auxiliary equations for the calculation evapotranspiration according to Shuttleworth-Wallace

Term Unit Equation

eddy diffusion coefficient at | [m?s?] | K=k u, (h—do)
top of the canopy Ky
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friction velocity in conditions | [m? s?] w =k u

of neutral atmospheric : In (Zr - dp)

stability u, Zg

displacement height of the | [m] do=1.1 h In (1+0.07 (LAI*?))

canopy do

roughness length of the | [m] Zy

canopy 2o z5 + 0.3 h (0.07 LAD®®, 0< (0.07 LAI) < 0.2
" |03xhx _h P (0.07 + LAI) > 0.2

The surface resistance r¢¥ is implemented in accordance with (Glintner, 2002) based on an approach
of (Domingo et al., 1999):

9 _b
s =a (E) (42)
where a=26 und b= -1 are empirical parameters, & is the bulk density of the soil [kg m3] and 6 the soil
water content [m3m3].

The canopy surface resistance r in the SW model corresponds to the bulk surface resistance 7, in the
PM model (Yang, 2015) and is therefore calculated accordingly (see equations 24 to 29).

For the calculation of the bulk boundary layer resistance of the vegetation elements in the canopy 7
[s m], an approach of (Shuttleworth and Wallace, 1985) is adapted:

l

c_ _Ta
Ta = 34

(43)
where ré is the mean boundary layer resistance (=25 s m™).
3.5.4 Total evapotranspiration

Principally, transpiration and evaporation from interception storage should be modelled
simultaneously to account for their dynamic interaction (Glintner, 2002). Evaporation from
interception storage will assumingly reduce the vapour pressure deficit in the canopy and thereby limit
soil evaporation Es and plant transpiration Er. Additionally, intercepted water limits transpiration by
building films on leaves. The degree of reduction is assumed to increase with higher evapotranspiration
and with lower evaporative demand on the atmosphere. Therefore, following an approach of
(Glntner, 2002), the sum of evaporation from soil and transpiration is mulitpied with 1- E;/Epe and
corrected values of soil evaporation and transpiration obtained through weighting with their ration.

Total evapotranspiration of timestep t is given by summing up evaporation from interception and initial
losses and the corrected values of soil evaporation and transpiration.

3.5.5 Hourly evapotranspiration values

Simulation of evapotranspiration processes is normally executed with daily time steps in TRAIN-ZIN.
However, since soil storage processes are executed with sub-daily time steps, a bulk emptying of soil

30



Model realization TRAIN-ZIN

storage by evapotranspiration would be not be realistic. Instead, hourly values of evapotranspiration
are estimated with hourly values of radiation as weighting factor, since radiation is the dominant
control on evapotranspiration (Shuttleworth, 2001).

Evapotranspiration of timestep t, ET(t), is estimated with hourly radiation Rn:

ETday Rp d¢

ET(t) = SR 60

(44)

where Y.;, Ryits daily sum of hourly radiation, d; is the length of the timestep t in minutes and ETq4 the
daily evapotranspiration value [mm]. The unit of the radiation is not relevant, since it is only used in
relation to its daily sum. This calculation is necessary for evapotranspiration processes affecting soil
moisture only, i.e. it excludes interception and initial losses.

3.6 Runoff generation

Runoff generation is calculated cell by cell for each timestep (normally several minutes), based on
parameters regarding terrain types, soil moisture of the previous time steps and net precipitation.
Figure 6Figure 6 illustrates the major steps from precipitation input to hydrograph output. Infiltration
excess and saturation excess overland flow are the runoff generation processes considered in the
model. Interflow components are neglected, since they only exceptionally occur in areas with typical
semi-arid or arid climate (see 2.4).

3.6.1 Infiltration processes

Infiltration processes are highly relevant for runoff generation processes. Yet, information on
infiltration capacities and their temporal changes are not always available for semi-arid areas and for
the different terrain types. Physically based infiltration models are mathematically demanding and
require detailed input data (Rawls et al., 2000). Therefore, infiltration processes are represented by
simpler approaches in TRAIN-ZIN, whereby two options allow for selecting the right representation
depending on data availability. Infiltration capacity is a threshold: Net precipitation values exceeding
this threshold generates infiltration excess runoff, values below this threshold contribute to soil
moisture. The first option is to approximate final infiltration values Inf(t) in timestep t [mmm] with the
constant infiltration rate fc:

Inf(t) = min(Ppec(0), f¢) (45)

where Pt is the net precipitation in the same timestep [mm]. The underlying assumption is that final
infiltration values are often reached after a very short time in (semi-)arid areas and that estimations
or approximations of this fast process are subject to great uncertainties.
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Figure 6: Overview of relevant concepts of runoff generation and concentration in TRAIN-ZIN (modified after Lange, 2000)

As second option, Holtan’s empirical equation is implemented that relates infiltration to soil moisture
conditions:

Inf(t) = min(Ppe (), av(QS -0 )1'4 + fo) (46)

where a, is a vegetation index for infiltration, 85 is the soil moisture at saturation and 6(t) is the actual
soil moisture at timestep t. Although the approach is relatively simple, it delivered satisfactory results
in a comparison of infiltration models by (Mishra et al., 2003).

3.6.2 Infiltration excess overland flow

Infiltration excess overland flow IEOF [mm)] is directly related to the estimated amount of water Inf
[mm] that can infiltrate in a timestep t and calculated as the amount of net precipitation Ppet [Mm]
exceeding this threshold:

IEOF(t) = {0 Pree(t) < Inf(t (47)

Pnet(t) - Inf( Pnet(t) > Inf(t)
3.6.3 Saturation excess overland flow

Overland flow generated by saturation excess is calculated in a conceptual way based on the capacity
and the actual moisture state of the soil storage. Saturated conditions are reached depending on soil
parameters as the magnitude of the soil storage, input into the soils and losses. Higher values of the
hydraulic conductivity K¢ for example increase soil drainage and make saturation less likely. Saturation
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excess overland flow SEOF [mm] is generated if the water infiltrating in a given timestep, Inf(t) [mm],
added to the filling of the soil moisture storage 6(t), exceeds the soil moisture deficit Dsy [mm] (see
3.4.1):

0, Inf(t) < Dsy)
Inf(t) — Dspy, Inf(t) > Dgy)

3.6.4 Run-on

SEOF(t) = { (48)

The run-on concept describes generated overland flow that re-infiltrates in downstream areas instead
of reaching the channel directly. It is conceptualized in TRAIN-ZIN by designating two different areas:
Those upslope areas whose runoff is supposed to reinfiltrate (called , CaStorl”, an abbreviation for
,CAtchmentSTORagel“) and those in downslope areas that receive this runoff (,CaStor2“) (Figure
7Figure 8: Run-on concept as realized in TRAIN-ZIN (modified after (Schiitz, 2006))

During simulation, CaStor1-cells are processed first, but their output is not transferred to the runoff
concentration routine, but forms the input to CaStor2 cells, together with precipitation. Runoff
generated from CaStor2 is subsequently passed on to runoff concentration (Figure 8).

06 0 06 1.2 Kibmeaters

Figure 7: CaStor2 areas for a small subcatchment of Wadi Anabe, Israel (Schiitz, 2006)

Inf] ET T Runoff
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Figure 8: Run-on concept as realized in TRAIN-ZIN (modified after (Schiitz, 2006))

3.7 Runoff concentration

Generated surface runoff of the grid cells is transformed into channel flow via related subbasins (Figure
9). The total volume of the grid cells within the basin proceeds to the adjacent channel segments with
a delay realized with a transfer function that represents the time for runoff concentration. In the
current model version, a unit hydrograph approach is used as transfer function and applied to every
subbasin in every timestep. Water input to the channel at the actual timestep in one subbasin is added
to the fractions of input from the last time steps calculated by the unit hydrograph. One option for
defining the hydrograph is to apply a universal hydrograph derived from measurements in the
catchment to all subbasins. The other option is to create synthetic Unit Hydrographs for each subbasin
based on a probability distribution (Hagenlocher, 2008).

The synthetic Unit Hydrograph approach uses an Extremal Value type | (EV I) distribution, also known
as Gumbel- or Fisher Tippet distribution (see for example (Rao and Hamed, 2000)). Its probability
density function is:

0= 5 el (59)] e {-em[-52] 9

where a and b are parameters (see below) and t is the timestep. The runoff contribution g to the total
runoff Q is calculated as:

alt)=f(t)V, (50)

where V; is the runoff generation input at t=0. This method considers that the concentration requires
more time for larger basins and for basins with gentle slopes. Parameter a represents the time to
concentration and defines not the shape of the curve, but its offset along the time-axis. It is assumed
to be influenced by the average steepness of the catchment. Parameter b controls the temporal
stretch, i.e. the width of the unit hydrograph and is assumingly related to catchment size. Increasing
b, for example, widens the curve and thereby reduces runoff peaks and gaps between single runoff
events. Simplified relations between parameter a and the average slope of the subbasin in question
and between parameter b and the size of the subbasin are assumed and can be used to individualise
runoff concentration time based on subbasin characteristics (Hagenlocher, 2008). For this purpose, the
user specifies the degree of dependence of the unit hydrograph from parameters a and b, i.e. agep and
bgep respectively. The varied parameter a, is calculated for the subbasin in question j based on its slope
m as:
-t
Gdep, MjMav

1+

100 Mgy

a, = (51)

where mj is the slope in subbasin j and m,, is the average slope of all subbasins. Analogously, by, the
modification of parameter b, is defined as:

_ . bdep . kj —kay
by =b (1 * oo Kay ) (52)

34



Model realization TRAIN-ZIN

where k;j is the area of subbasin j and kay is the average area of all subbasins. Additional factors that
modify the unit hydrograph in each subbasins differently are neglected, as are cross dependencies
between these factors and event specific influences.

The following condition has to be met to ensure a correct transfer, but is initially violated:

[ q(tdt =V (53)

Determining the last considered timestep of the tailing, tmax, depends on the Expected Value E plus
eight times standard deviation o:

tmax = E(t) +80 = a + by +8-72

76 (54)

where 7 is the Euler-Mascheroni-constant. Results are corrected for the fact that not the complete
tailing is included. The f(t) values are modified with the sum of all original values up to the last included
time step tmax:

£1(6) = ZL (55)

(t)max )

Within the runoff concentration routine, transition takes place from normal time steps in the order of
several minutes to the shorter time steps applied in the runoff routing process (normally one minute).
Resulting step-shapes in the curve are averaged out with a smoothing routine based on neighbouring
values.

= Channel network

5
Kiometer

Figure 9: Subbasins and adjacent channel segments from the model application in Wadi Kafrein, Jordan (Alkhoury, 2011)
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3.8 Channel routing and transmission losses

Runoff transferred to the channel segments is routed in these segments until it reaches the outlet of
the basin. To avoid the resulting high number of parameters, given that transmission losses are
simulated as well, channel segments are grouped into a user defined number of classes, depending on
their morphological features. Parameters related to channel geometry, hydraulic conductivities and
antecedent soil moisture condition are specified for these classes, not for individual channel segments.

To account for the high dynamics of (semi -) arid channel flow, a shorter, user-defined timestep is
applied that is a fraction of the timestep for runoff generation processes, often one minute. The
connection between the catchment processes and the channel network is unidirectional, i.e. the
channel routing receives water from the catchment, but is not connected to catchment processes, e.g.
evapotranspiration from the channel is not considered.

3.8.1 Channel routing

Each channel segment is parametrized by its length, its average slope and the width. For user-defined
groups of channels, values of Manning’s n and the channel geometry parameters are specified.
Routing of discharge within the channel network considering lateral inflow is calculated based on a
version of the non-linear Muskingum-Cunge method, i.e. the MVPMC3 method of (Ponce and
Chaganti, 1994). A detailed description of the method is found in the literature, e.g. (Todini, 2007),
further information on the implementation in TRAIN-ZIN is given in (Hagenlocher, 2008; Leistert, 2005)

Outflow of the next channel-segment j+1 [m3 s] is calculated for the next timestep t+1 by:

QY =/ + 0/ +¢;0),, (56)

i+1 — i+1

where j is a special index, i is a temporal index and C1 to C3 are weighting factors with )}; C; = 1 and:

At—2KX
G = Skt 57)
At+2KX
C; = 2K(1-X)+At (58)
_ 2K(1-X)- At
(s = 2K(1-X)+At (59)

Parameters K and X are calculated based on channel parameters with:

Ax
K = o (60)
and
—1(q_ Crer
X = 2 (1 Ve So Ax) (61)

where Ax is the length of the channel segment, v is the kinematic wave celerity and So is the channel
bed slope. Qetis a reference flow which is estimated as average of inflow at times jand j+1 and outflow
at time j:
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_o/+e/" +of,,

Qref =———— (62)

In TRAIN-ZIN, parameters K and X as well as flows based on K and X are estimated iteratively, until the
following conversion criterion is reached:

|Q; — Qi—1| > |Q;| - err (63)
where Qi is the runoff calculated for iteration i [m3 s] and err has a predefined value of 0.1 % that is

increased by 10 % after 500 iterations not fulfilling the convergence criteria.

. . . . . 5 .
Kinematic wave celerity can be approximated for a wide rectangular channel by v, = 3V with the
water velocity v. The water velocities are computed for the open channels in the catchment with the
Manning equation:

2 1
3 2
— Rhy So

v=—— (64)
where Rpy is the hydraulic radius [m] and n is Manning’s roughness coefficient.

3.8.2 Cross sectional geometry

Transmission losses depend, among others, on the size of the flooded area, which is related to water
depth and cross sectional geometry. Two composite power functions simulate the extension of the
flooded area, considering a realistic representation of the geometry, but also the stability of the model.
The potentially flooded area is divided into three sections (see Figure 10) to account for the different
hydrological conditions: First, the inner channel, which is assumed to be flooded immediately and
completely; second, the bars and banks with a steep incline and third, the floodplains. The slopes of
the section can be modified with two constants d and x determining the inclination of the bars- and
banks-function and the floodplains respectively (see also (Leistert, 2005)).

v

g e

Bars banks and floodplains  Active Alluvium Marvel Infiltration

] 1 B —
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Figure 10: Profile of a cross sectional channel geometry in Nahal Zin; A: inner channel area; B: banks and bars, C: floodplain
areas (Leistert, 2005)

3.8.3 Transmission Losses

The channel routing routine simulates losses from the channel bed caused by infiltration, called
transmission losses (TL). Additional losses through evaporation, e.g. from ponds, are not considered.
The most important are measurable soil properties such as infiltration characteristics, hydraulic
conductivity and depth and porosity of alluvium specified for the user-defined number of channel type
classes. Infiltration in the inner channel is based on the physically based Green-Ampt-Method (Green
and Ampt, 1911) assuming a sharply defined wetting front. In contrast to many other approaches, this
concept considers surface water depth explicitly and thus qualifies for application in ephemeral stream
channel modelling (Freyberg et al., 1980). The infiltration rate of a homogeneous soil is thereby
calculated as:

_ (he"'H(t))(es_ 91’)
f©) = K (14 R 00) (65)

where K is hydraulic conductivity [mm h™] in the portion of the profile above the discontinuity, s the
volumetric soil moisture content at residual air saturation, 8; the uniform initial volumetric soil
moisture content and F(t) the cumulative infiltration or net change in total soil moisture above the
moving wetting front [mm]. Its integrated form (Rawls et al., 2000) is:

F

Kt=F = (he+H)(05 = 0)In(1+ omo—ps

) (66)

Solving eq. 66 is complicated by the fact that the infiltration rate f at time t depends on the cumulative
infiltration F at the time t;. The latter is approximated with a Newton iteration procedure for each
timestep (Leistert, 2005).

In addition to the inner channel areas, flooding affects bars and banks areas in the channel reach as
well as the floodplains besides the main channel. There, other processes than infiltration, such as
depression storage (e.g. surface water storage in dead end channels) and evaporation are major losses.
The Green-Ampt infiltration model is assumingly not suitable there, instead, a single linear storage
model is applied. The approach had to be modified to account for two effects: First, the storage volume
is not constant, but increases when the flooded area expands. Second, whereas linear storages are
normally used to simulate an outflow increasing with storage content, it is applied in this case to
simulate an inflow that decreases when the soil storage fills up. For bars and banks, losses depend on
the variable flooded area of each segment and on the time since the beginning of the event, i.e. the
time when the storage (banks and bars) starts to fill. The flooded area for each time step is calculated
as the product of constant segment length and variable segment width. Transmission losses TL [I] for
the timestep t are calculated as:

t
TL = At Ax (k- kf)e_(W) (67)

where A is the area [m?], t is the length of the timestep [h], k¢ the hydraulic conductivity of the
underlying strata [mm h?], k, the initial infiltration rate of bars, banks and floodplain [mm h] and by,
the flooded width [m]. Principally, the same equation applies to infiltration processes in the third area,
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the floodplain. However, flooding of theses over-bank is only activated when the water depth
surpasses a certain height for the first time, thereby defining the starting time for flood plain
infiltration.

The decline of soil moisture in the channel alluvium between the events determines antecedent
moisture conditions and is relevant for infiltration rate and total infiltration potential. It is modelled
with an empirical power function (Sorman and Abdulrazzak, 1993), where the antecedent moisture
index (Antec) depends on the number of days (T) since the last event and is defined for the different

channel types. The initial moisture content 8; is then simulated as:
0; = 6, (1 — Antec) (68)

where 6y is the saturated soil moisture content.
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4 Discussion and outlook

The transition from a perceptual to an operational hydrological model requires simplifications and
causes a loss of congruence with hydrologic reality (Beven, 2002). Modelling decisions involve a
compromise between simplicity and correctness: Given the often comparably poor data quality and
qguantity in semi-arid and arid area, it is questionable whether increasing the resolution or the
complexity of models further will improve the results. Naturally, all conceptual decisions made in
TRAIN-ZIN can be subject to critical discussion and possible improvements. In order to contribute to
critical applications of the model, the main assumptions underlying the model realization are
summarized in the following key points:

- The most suitable realizations for the different processes, based on our perceptual model, lead
to a model that combines conceptual and physical-based approaches.

- Generally, different options for including or excluding model routines allow for the
individualisation of the modelling process and for optimisation of the number of parameters,
as do user-defined specifications of model elements (e.g. no predefined runoff generation
classes)

- Ahigh spatial and temporal resolution in all elements of the water balance belongs to the main
characteristics of drier areas and should be maintained. Modelling time steps are adapted to
the temporal scale of related processes to compromise between computing time and correct
process representation; the grid based spatial structure with a subsequent concentration in
subbasins is spatially explicit, but as simple as possible.

- As runoff generation processes, infiltration excess overland flow and saturation excess
overland flow are represented; run-on processes that are relevant in semi-arid areas are
conceptually implemented.

- Inthe actual model version, soil processes are represented by a comparably simple, conceptual
way. Yet, the influence of underlying impeding lithology can be considered. Although this
representation is supposedly sufficient for the environments of the first model applications, it
might require modifications for other regions.

- Since evapotranspiration is the main component of the water balance in drylands, it is a special
focus of TRAIN-ZIN and justifies the complexity of the implemented methods, the Penman-
Monteith and the Shuttleworth-Wallace approach. They are each subject to individual
strengths and shortcomings, but the Shuttleworth-Wallace method is specifically suitable for
simulations in dry areas, where the assumption of closed vegetation canopies is not valid and
soil evaporation processes are highly relevant.

- Parameters of runoff concentration and of routing both influence the shape and the timing of
hydrographs; transmission losses are often an important source of groundwater recharge in
drier environments and are therefore represented in a rather detailed way. The resulting high
number of parameters is reduced by summarising individual channel segments to classes and
by parametrising those. Although the approach is highly complex, it still disregards processes
observed in the field, e.g. exfiltration.
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Discussion and outlook

- Often, processes are represented unidirectional, i.e. feedbacks like return flows of water are
not included. Processes that are not considered explicitly, e.g. the influence of stone cover and
surface crusting, can be considered through parametrisation.

Regarding its purpose, TRAIN-ZIN is a hybrid model as it simulates water balances as well as highly
dynamic runoff generation processes. Often, water balance models represent long-term averages only,
whereas runoff generation models work event based. However, practical applications may require
both: Long term values and spatial means for estimations of water resources and distributed data and
channel flow simulations for designing local water harvesting systems or for flood protection

measures.

In the actual model version, computing time is a factor limiting the application of the model for several
purposes, e.g. climate scenarios or sensitivity analysis, and affects model calibration procedures. Best
strategies for model calibration are a general topic of scientific discussion (see for example (Beven,
2012)), considering the need to contain effective parameter values that are not measurable in the field
on the one hand and the influence of data availability, quality and information content and the risk of
equifinality on the other hand. Objectives and specific characteristics of each model application
determine some aspects of model calibration and validation. However, a cautious attitude towards
calibration is part of the philosophy behind TRAIN-ZIN: Given the often low data quality and quantity,
minimum calibration is recommended to avoid the problem of equifinality. Automatic calibration and
formal sensitivity and uncertainty analysis are problematic because of the long computing times in
most applications; therefore, uncertainty of results has to be estimated and communicated differently.

Model validation which is principally a process outside of TRAIN-ZIN is subject to the same limitations
caused by data availability and computing time, but should follow the same principles of good
hydrological modelling practices. In general, it might be more reasonable to include as much data as
possible and express quality of model output by simple measures as uncertainty bounds, instead of
optimizing the fit of the model results to uncertain runoff measurements that make up only a small
part of the water balance. The diverse output options of TRAIN-ZIN, for example of soil moisture
dynamics, enable insights into model behaviour at different temporal and spatial scales and support
the modeller and his expert knowledge for calibration and validation purposes.

Previous applications of the model include Nahal Oren in Israel (Kohn, 2008), Wadi Faria in Palestine
(Gunkel et al., 2015; Shadeed, 2008) and Wadi Kafrein in Jordan (Alkhoury, 2011). TRAIN-ZIN has also
been applied to the Lower Jordan River Basin (Gunkel and Lange, 2012), where its results were used
for an estimation of local rain water harvesting potentials (Lange et al., 2012). Model results fostered
a high interest of local stakeholders that might lead to further applications. Thereby, new model
versions might come into existence that extend the general applicability of the model and respond to
new requirements.
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